This study explores how buoyancy-driven modulations in the abyssal overturning circulation affect Southern Ocean temperature and salinity in an eddy-permitting ocean model. Consistent with previous studies, the modeled surface ocean south of 508S cools and freshens in response to enhanced surface freshwater fluxes. Paradoxically, upper-ocean cooling also occurs for small increases in the surface relaxation temperature. In both cases, the surface cooling and freshening trends are linked to reduced convection and a slowing of the abyssal overturning circulation, with associated changes in oceanic transport of heat and salt. For small perturbations, convective shutdown does not begin immediately, but instead develops via a slow feedback between the weakened overturning circulation and buoyancy anomalies. Two distinct phases of surface cooling are found: an initial smaller trend associated with the advective (overturning) adjustment of up to ;60 yr, followed by more rapid surface cooling during the convective shutdown period. The duration of the first advective phase decreases for larger forcing perturbations. As may be expected during the convective shutdown phase, the deep ocean warms and salinifies for both types of buoyancy perturbation. However, during the advective phase, the deep ocean freshens in response to freshwater perturbations but salinifies in the surface warming perturbations. The magnitudes of the modeled surface and abyssal trends during the advective phase are comparable to the recent observed multidecadal Southern Ocean temperature and salinity changes.
Introduction
Broad-scale patterns in high-latitude Southern Ocean temperature and salinity trends have emerged in the observations over recent decades. Despite warming atmospheric temperature and enhanced heat flux entering the upper ocean, the sea surface temperature (SST) south of 508S has cooled (Bintanja et al. 2013; Latif et al. 2013 ). Durack and Wijffels (2010) have shown freshening of the sea surface salinity (SSS) extending across the same region. In contrast, in the abyssal Southern Ocean a warming trend is evident across nearly all ocean basins (Purkey and Johnson 2010) . The extent to which these changes have been caused directly by altered surface fluxes or through a feedback of ocean circulation changes is unclear.
One obvious possible mechanism for driving surface cooling and freshening simultaneously with deep ocean warming is through a modulation of the abyssal overturning circulation and the associated vertical ocean heat flux. The lower oceanic overturning cell is fed by the production of Antarctic Bottom Water (AABW) on the continental shelves around Antarctica, through a process which entrains fresher, ambient waters into the dense shelf waters cascading down from sea ice formation regions and ice shelves. AABW spreads northward to fill the bottom of the world's oceans, gradually mixing into the lighter overlying waters, and completing the meridional overturning loop by upwelling in the Southern Ocean as warmer and saltier Circumpolar Deep Water. A decrease in the abyssal overturning circulation would therefore reduce the transport of heat and salt to the surface region where the lower cell outcrops around Antarctica. By analogy with the more familiar case of North Atlantic Deep Water shutdown (e.g., Manabe and Stouffer 1995) , a slower rate of AABW formation would result in a cooling of the sea surface temperature south of around 508S in the Southern Ocean because of the reduced upward heat flux. In the Southern Hemisphere case, the cooling would also be accompanied by a strong freshening of the sea surface salinity because of the higher salinity of the upwelling water masses compared with the relatively fresher AABW.
Present observational uncertainties are too large to conclude if the AABW transport or formation rates have changed in line with the recent abyssal temperature and salinity trends. Some studies present evidence that the transport has decreased over recent decades (Shimada et al. 2012; Sloyan et al. 2013; Huhn et al. 2013 ). However, others argue for alternative explanations of the abyssal temperature and salinity trends, such as changes in water mass properties at formation sites (van Wijk and Rintoul 2014) , increased entrainment (Couldrey et al. 2013) , or a rebound response from the 1970s Weddell Polynya . The increasing trend in the southern annular mode could also be contributing to surface cooling and freshening (e.g., Thompson et al. 2011) . Because of the wide range of possible drivers, our aim in this study is not to attribute recent Southern Ocean temperature and salinity trends to changes in the abyssal overturning cell transport. Rather, we aim to improve understanding of the potential magnitude and time scale of the temperature and salinity changes that could arise from buoyancy-driven modulations of AABW transport.
A number of coarse-resolution, coupled GCM experiments have previously shown surface cooling and deep warming linked to a reduction in the rate of Southern Ocean bottom water formation, driven either by increased freshwater fluxes (e.g., Stouffer et al. 2007; Aiken and England 2008; Swingedouw et al. 2009; Menviel et al. 2010; Kirkman and Bitz 2011; Bintanja et al. 2013) or natural centennial variability (Galbraith et al. 2011; Martin et al. 2013; Latif et al. 2013) . In response to a slowdown of the abyssal overturning transport, these models show surface cooling and freshening, an increase in sea ice extent, and deep warming. However, there is disagreement between different studies regarding the processes that control the magnitude of the surface cooling: Swingedouw et al. (2009) found that the magnitude of cooling increases with the rate of freshwater input, while Menviel et al. (2010) have shown that a smaller freshwater perturbation results in a larger surface cooling. Given the paleooceanographic context of most of these studies, there has also been little attention paid to the rate of the temperature and salinity changes that result from the overturning slowdown.
Here, we present a process study investigating the ocean dynamics and resultant temperature and salinity anomalies associated with decreasing Southern Ocean bottom water formation in an eddy-permitting, idealized ocean model. Through the analysis of a wide range of surface freshwater and heat flux perturbations, we explore the dynamical ocean control on the time scale and magnitude of the modeled changes in temperature and salinity. In contrast to previous studies, we find that there are two distinct time scales for the temperature and salinity changes. The initial slower response, which is caused by a reduction in advection, is followed by a more rapid convective shutdown. Surface cooling and abyssal warming occur during both periods but are largest once convection begins to slow. This fast response may be delayed by ;60 years in the case of small forcing perturbations.
Numerical model
We investigate the response to an imposed change in Southern Ocean surface buoyancy forcing in a series of perturbation experiments using the MITgcm (Marshall et al. 1997) in an idealized, pole-to-pole, ocean sector configuration with an eddy-permitting resolution of 1 /48. The reference case is the same as that described in Hogg et al. (2013) , but with a longer spin-up period of 2500 yr. The domain is a 408 longitudinal sector of ocean, extending from 708S to 708N, with a simple Drake Passagelike sill of depth 1800 m (Fig. 1a) forced by prescribed wind stress (Fig. 1b) , temperature relaxation at the surface with a restoring time scale of 60 days (Fig. 1c) , and a fixed freshwater flux applied as a virtual salt flux using a reference salinity of 35 psu (Fig. 1d) . The buoyancy forcing is hemispherically symmetric. All forcing is temporally invariant and zonally uniform, although variations in the model SST fields imply that atmosphere-ocean heat fluxes vary zonally and in time, even though the relaxation temperature does not. The model is run in ocean-only configuration, with no sea ice formulation. The uncoupled configuration has the advantage of higher resolution, better control over forcing perturbations, and ease of isolating the dynamical processes involved in the transient responses.
The possible influence of sea ice feedbacks on the results are discussed further in section 7. Following the 2500 yr of spinup, a number of independent surface warming and freshwater flux perturbations are run for a duration of 100 yr. The change in Southern Ocean forcing used in the warming perturbations is shown in Fig. 2a . Except for experiment SST0.5S, we have uniformly increased the surface temperature relaxation profile by a constant amount over all latitudes (including northern latitudes, not shown). SST0.5S has enhanced warming only south of 558S. All of the perturbations are step changes in forcing switched on at year 0, except for SST0.5RAMP, which has the same uniformly increased SST relaxation profile as SST0.5 but is ramped linearly from 108 to 10.58C over 50 yr, starting from year 0. For the freshwater perturbations (Fig. 2b) , we scale the freshwater flux by a constant factor between 508 and 708S, decreasing to no change at 438S. The global freshwater flux is then recalibrated to eliminate any imbalance in the meridional integral, which has the effect of slightly reducing the freshwater input relative to the reference case north of 438S. After the recalibration, the freshwater flux between 508 and 708S has been increased by 1.15, 1.3, and 2.0 times in the perturbations labeled FW1.15, FW1.3, and FW2.0 respectively.
The state of the Southern Ocean portion of the reference case is shown in Fig. 3 . The surface imprint of the stratification and the eddying nature of the model are highlighted in the snapshot of SST (Fig. 3a) . The overturning circulation, shown in Fig. 3b , has been calculated on density surfaces and remapped back to depth space using the zonal and temporal mean stratification. The model reproduces three overturning cells, analogous to the observed Southern Ocean overturning cells: the surface subtropical cell, confined to the upper 300 m north of 508S; the upper, North Atlantic Deep Water cell; and the lower AABW cell, which fills the deep and abyssal layers. Consistent with observations, the abyssal cell is colder and fresher than the upper cell, despite latitudinally symmetric SST relaxation and freshwater fluxes. To compare the modeled overturning with observations of the global overturning, the transports should be scaled up from the limited zonal domain by a factor (of approximately 9) to account for the width of the model domain compared to the real ocean.
Surface response to buoyancy forcing perturbations a. Freshwater perturbations
Consistent with previous coupled model studies (e.g., Stouffer et al. 2007; Aiken and England 2008; Swingedouw et al. 2009; Menviel et al. 2010; Kirkman and Bitz 2011; Bintanja et al. 2013) , the modeled upper ocean cools and freshens over the latitudes of the Antarctic Circumpolar Current in response to enhanced freshwater perturbations (Fig. 4) . The region 458-708S cools nearly uniformly, and the freshening anomaly peaks over the same latitude range. Although the region of surface cooling and freshening coincides with the spatial extent of the applied freshwater perturbation (south of 458S; Fig. 2b ), we show in section 4 that the patterns of surface salinity and temperature anomalies are primarily determined by changes in ocean circulation, rather than the applied forcing perturbation.
As expected, the surface salinity anomaly scales with the size of the freshwater perturbation ( Fig. 5b) : more freshwater input results in a fresher surface layer. Interestingly, the surface cooling (Fig. 5a ) scales inversely, with smaller freshwater perturbations leading ultimately to larger peak temperature anomalies (although at a slower rate). The time taken to reach the maximum cooling and freshening and a pseudo-equilibrium state also scales inversely with the magnitude of the freshwater perturbation. This temporal scaling is intuitive; for smaller perturbations it takes longer to build up a sufficiently large fresh layer at the surface before convection slows down. The dynamics setting the magnitude of the temperature and salinity anomalies, as well as the two distinct time scales of cooling and freshening, are investigated in greater detail in section 4.
b. Warming perturbations
Despite a uniform increase in the imposed atmospheric temperature, significant surface cooling over the latitudes of the Antarctic Circumpolar Current also occurs in response to moderate warming perturbations (Fig. 5c ). Similar to the freshwater perturbations, the region 45-708S cools nearly uniformly. As expected, SST increases north of 408S into the Northern Hemisphere (Fig. 6 ). There is a small region of cooling in the western half of the simulated North Atlantic basin, presumably linked to reduced Northern Hemisphere convection. However, the spatial extent and magnitude of the northern cooling trend are minimal compared with the Southern Ocean (not shown). The interhemispheric asymmetry arises as a result of the difference in the net meridional salt transport between the upper and lower overturning cells. The salinity difference between the poleward and equatorward limbs of the lower cell is much larger than for the northern upper overturning cell, resulting in a more significant salinity feedback process in the Southern Ocean than in the Northern Hemisphere (discussed further in section 4). As a result of this salinity feedback, the surface south of 458S also freshens in response to the warming perturbations. The freshening in the warming perturbation experiments ( Fig. 5d ) is comparable to that in the freshwater experiments (Fig. 5b ). This comparison indicates that the dominant driver of the salinity changes in the freshwater experiments is the overturning feedback process and not the additional surface freshwater input. The surface warming experiments have a similar spatial pattern of surface cooling and freshening, independent of whether the forcing was altered locally or globally. For example, SST0.5S, which has no change in the relaxation temperature north of 558S, shows significant cooling trends extending to 458S (although less warming north of this latitude compared with SST0.5).
As expected, the greatest warming perturbations respond with the least SST cooling, because of the additional surface heat flux input. The most extreme warming perturbation (SST2.0) has SST warming instead of cooling (Fig. 5c ). In this case, the cooling feedback from the overturning shutdown is overwhelmed by the additional surface heat flux. The surface freshening is also greatest for the smallest warming perturbations. We investigate the reason for this relationship in section 4. It is worth noting here that the scaling of the salinity response for the warming perturbations is most comparable with the scaling of the temperature response for the freshwater perturbations (Figs. 5a, d) , as these responses reflect the ocean feedback mechanism, rather than the direct impact of the forcing change (as for Figs. 5b, c) . Variation in the location (SST0.5S) or time scale (SST0.5RAMP) of the anomalous forcing does not significantly affect the magnitude of the surface cooling or freshening, relative to a perturbation with a uniform, step change in forcing (SST0.5), provided that the forcing is sufficiently far from the threshold where SST warms rather than cools (i.e., the threshold between SST1.0 and SST2.0). As for the freshwater perturbations, the time taken to reach the quasi-equilibrium state is shorter for larger forcing changes.
Heat and salt budgets a. Methods
The modeled cooling and freshening described in the previous section is surface enhanced and limited to the upper ocean (Fig. 6 ). Below the cooling region, there is a widespread warming trend to full depth in both the warming and freshwater perturbations. In this paper, we have chosen to focus predominantly on the transient surface cooling and freshening in the model, rather than the abyssal changes, because observations of surface properties are far more extensive. Therefore in this section, we analyze the heat and salt budgets for the upper 12 model levels [;(0-180) m depth] between 608 and 708S, as shown by the white box in Fig. 6 .
The heat budget, integrated over the subdomain, is given by
where T is the heat content tendency, S is the flux through the ocean surface, A is the advective flux through the lateral and lower boundaries, D is the parameterized turbulent diffusive flux through the lower boundary, and C is the parameterized convective flux through the lower boundary. The tendency term is calculated as
where Du is the change in temperature calculated over the time period Dt 5 1 yr, r 0 is a reference density, and c p is the specific heat capacity. The surface heat flux S varies in time, dependent on the temperature difference between the relaxation temperature profile and SST. The advective flux is the difference between the timemean fluxes through the northern and lower boundaries:
where y and w are the meridional and vertical components of the wind velocity, the subscripts L and N denote evaluation at the lower and northern boundaries of the subdomain, respectively, and the overbar represents a 1-yr time average. The diffusive flux is given by
evaluated at the lower surface of the subdomain and where k y is the vertical diffusivity. The meridional diffusion through the northern boundary is negligible. The salinity budget is identical to the heat budget, but with specific heat content r 0 c p u replaced by salt content r 0 S, where S is the salinity. Unlike the surface heat flux, the surface salt flux is temporally invariant.
The heat and salt fluxes for the reference simulation, normalized by the surface area of the subdomain, are shown from years 210 to 0 of Fig. 7 . As the system is in a long-term equilibrium, the heat and salt content tendencies (black lines) are negligible. In the reference case, the cooling and freshening inputs from the surface forcing (blue lines) are largely balanced by the parameterized convective fluxes (green lines), which mix the cool, fresh surface waters with the lower, relatively warm, salty water masses. The remainder of the surface fluxes are balanced at equilibrium by the advective fluxes (red lines), through the lower and northern boundaries. Although the location of the overturning cells when averaged in density space (Fig. 3b) suggests that the advective fluxes south of 608S should be entirely because of the lower overturning cell, the picture is very different in the depth space framework we have used for the heat and salt budget analysis. Figure 8 compares the location and strength of the overturning cells in the region surrounding the subdomain of interest, calculated using density layer and depth level frameworks. In depth space, the magnitude and extent of the lower overturning cell is greatly diminished, and the Deacon cell is the dominant feature (Döös and Webb 1994) . In this study, we are primarily interested in determining the cause of the surface cooling and freshening; therefore, it is logical to use a depth space framework for the problem. However, the use of a depth space framework means that there is a more complicated relationship between the advective volume flux through the subdomain and the magnitude of the density-averaged overturning than would be the case in an isopycnal framework. We explicitly examine the changes in the lower overturning cell transport in section 5. The advective flux for the reference case, analyzed in the depth space framework, contributes a positive flux (i.e., warming and increasing salinity) to the subdomain because of the upwelling of relatively warmer and saltier water masses, which are modified by cooling and freshening inputs at the surface before exiting the domain through the northern boundary or the southern part of the lower boundary (Fig. 8b) .
b. Freshwater perturbations
In this section, we describe the evolution of the heat and salt fluxes for the perturbation FW1.15, as shown in Fig. 7 , which leads to the changes in SST and SSS shown in Fig. 5 (solid lines) . The shutdown of convection does not begin immediately following the perturbation but is instead dependent on a slow preceding adjustment of temperature and salinity by the advective fluxes. The transient surface cooling occurs in two distinct dynamical regimes, as separated by the dashed vertical lines in Fig. 7 .
The first dynamical regime spans years 0-65 and is dominated by decreasing advective fluxes. This time period corresponds to the initial slower rate of cooling and freshening (solid lines in Figs. 5a,b) . The sudden increase in applied surface freshwater flux at year 0 induces an immediate freshening response at the surface and a subsequent small increase in the convective salt flux over the first decade as a result of the enhanced salinity difference between the surface and deep waters. However, the dominant effect of the surface freshening over years 0-65 is a reduction in the overturning circulation and the advective volume fluxes through the subdomain. Figure 9 shows that the lower cell overturning, averaged over years 20-30 of perturbation FW1.15 and in a depth space framework, is significantly diminished compared with the reference case overturning shown in Fig. 8b . The depth-averaged ''lower cell'' decreases while the Deacon cell remains unchanged. The decreased volume flux slows the advective heat and salt transports to the surface, resulting in sustained cooling and freshening trends during years 0-65. Lower SST increases the surface heat flux (i.e., there is less surface cooling; Fig. 7a ) because of the interactive surface boundary condition. This SST response results in a positive feedback; whereby the increased surface heat flux further reduces advection, causing more surface cooling and thereby further increased surface heat flux. The convective heat and salt fluxes remain approximately constant during this period because of the opposing effects of cooling and freshening on the surface density. Roughly half of the net cooling in the shutdown process occurs during this advection-dominated regime (years 0-65; Fig. 5a ). Convection shuts down during the second regime, between years 65 and 83. As found in other simulations of AABW slowdown (e.g., Kirkman and Bitz 2011; Martin et al. 2013) , at some point salinity changes have a greater effect on surface density than temperature changes, causing surface density to decrease and convection to slow. In our model, the nature of the surface boundary conditions contribute to the dominance of salinity changes over temperature changes; the surface heat flux increases as convection shuts down, while the surface salt flux remains constant, resulting in a greater imbalance in the salinity budget. Decreasing convection has the same effect on SST and SSS as the advection changes in regime I, but at a much faster rate. The upper ocean becomes isolated from the deep ocean, and the vertical gradients of temperature and salinity increase, which allows diffusion to increase and provide an upward flux of heat and salt.
After convection has shut down, from year 83 onward, the system is in a quasi-equilibrium, in which diffusion approximately balances the surface fluxes.
Similar transient responses of the heat and salt fluxes occur for different freshwater perturbations. The time scale of regime I (the period of advection-induced surface cooling) scales inversely with the magnitude of the freshwater perturbation. That is, smaller increases in surface freshwater flux result in slower rates of advective overturning decrease. The time scale of the convection shutdown in regime II is similar for all perturbations. The increased time scale of regime I for small perturbations explains the larger magnitude of cooling seen in these experiments (Fig. 5a ). For extreme freshwater perturbations, such as experiment FW2.0, the initial change in surface salinity is sufficient to begin shutdown of convection without the prior advective feedback process, and regime II begins immediately following the perturbation. The magnitude of the surface salinity anomaly increases with the size of the freshwater forcing perturbation because of the direct effect of the change in surface salt flux. Figure 10 shows the response of the heat and salt fluxes to the warming perturbation SST0.5. The same two distinct surface cooling regimes, as described for the freshwater perturbation in Fig. 7 , are easily identifiable: the first dominated by changes in the advective fluxes and the second by the shutdown of convection.
c. Warming perturbations
The one notable difference compared with the freshwater perturbations is an initial period of surface warming during years 0-5 before the cooling begins (seen in Fig. 5c ). The sudden increase of the relaxation temperature by 0.58C at year 0 increases the surface heat flux. Within the first 5 yr, the advective and convective heat fluxes do not adjust quickly enough to balance the change in surface input, which results in a warming at the surface, shown more clearly in Fig. 11 . The increase in SST reduces the surface density and hence the convective fluxes during the first 5 yr. The surface freshwater input remains fixed, and therefore the reduced convective salt flux results in a freshening trend during the first 5 yr.
From year 5 onward in the warming perturbation, the response of the heat and salt fluxes follows a similar sequence to that described for the freshwater perturbation. The reduction in surface heat flux and subsequent surface freshening reduces the overturning circulation and advective volume flux through the subdomain. As for the freshwater perturbation, the temperature and salinity changes during the advection-dominated regime largely compensate. It is shown more clearly in Fig. 11 that the surface properties evolve parallel to a density contour in temperature and salinity space during regime I (years 5-37). Once convection begins to shut down around year 37 in the SST0.5 perturbation, the surface freshening dominates over the cooling signal, and the surface density rapidly reduces.
Similar to the freshwater perturbations, the time scale of the advection-dominated regime I scales inversely with the size of the perturbation. This is apparent by comparing the years where the slope steepens in Fig. 5d for each warming perturbation. The magnitude of surface freshening scales with the length of the advectioninduced cooling period. That is, smaller changes in surface relaxation temperature result in larger maximum surface freshening anomalies because of the extended period of advective feedback. The SST cooling magnitude is largely controlled by the direct impact of the change in surface heat flux resulting from the forcing change. Large increases in surface flux, such as perturbation SST2.0, have a sufficiently large initial change in surface heat flux to begin the shutdown of convection without the prior advective feedback process, and regime II begins immediately following the initial surface warming. In the largest warming perturbation, SST2.0, the surface heat flux also switches from negative to positive, and thus no surface cooling occurs.
Response of the lower overturning cell a. Overturning transport
The lower overturning cell shuts down in all of the warming (Fig. 12a) and freshwater perturbations. The transport at 608S, close to the formation region, decreases approximately linearly throughout the period when surface temperatures are cooling (Fig. 5c) . The time scale for the shutdown is the same as the cooling time scale; that is, the lower overturning cell persists longer for smaller warming and freshening perturbations. Figure 13 shows the link between the lower cell transport and the sum of the advective and convective heat fluxes for the warming perturbation SST0.5. Within the initial surface warming period, there is a significant decrease in the convective heat flux by the end of the first year. The lower cell transport at 608S responds with a small delay, decreasing by roughly one-third over years 1-5. During the first cooling regime, when the heat budget is dominated by advective changes, the lower cell transport scales linearly with the advective heat flux, indicating that the advective heat flux is primarily controlled by the volume flux in the lower cell, rather than the upper overturning cell or temperature changes. The sudden change in the convective heat flux beginning at year 37 of the perturbation SST0.5 (see black circle in Fig. 13 between regimes I and II) occurs too rapidly for the lower overturning cell transport to respond within FIG. 10 . As in Fig. 7 , but for the warming perturbation SST0.5. the same time frame. There is a delay of around 10 yr before the overturning transport adjusts to the decrease in the convective fluxes. The other warming and freshening perturbations have similar dynamics to SST0.5.
Despite the variation between perturbations in formation rates and the lower cell shutdown time scale at 608S (Fig. 12a) , the sensitivity of the lower cell transport response at 308S is surprisingly independent of the perturbation magnitude (Fig. 12b) . With the exception of experiment SST0.5RAMP, in all of the warming perturbations, the transport in the lower cell reaches 50% of the reference value at 308S during years 45-55, despite vastly different formation rates farther south. The slower rate of decrease in SST0.5RAMP occurs as a result of the extended length of the initial surface warming regime in this perturbation. Surface temperatures in SST0.5RAMP do not begin to cool (Fig. 5c) , and the lower cell transport at 608S is not distinguishable from the reference case (Fig. 12a) until around year 25. However, once the lower cell transport at 308S begins to respond to the changing surface conditions, the rate of decrease in SST0.5RAMP is similar to that of the larger warming perturbations. The same insensitivity of the rate of lower cell transport decrease at 308S to the perturbation magnitude is observed in the freshwater experiments. The rate of decrease of the abyssal overturning transport is essentially decoupled from the two distinct time scales of surface cooling and freshening.
b. Abyssal temperature and salinity Figure 14 compares the evolution of abyssal temperature and salinity between a warming and a freshwater perturbation averaged below 3000 m and over the region 508-708S. The magnitude and direction of the trends during the advective-dominated regime I are strongly dependent on the type of buoyancy forcing perturbation. Initially, the abyssal water mass freshens in the freshwater perturbation FW1.15, with minimal temperature change until regime II (marked by the black circle in Fig. 14) . In the warming perturbation SST0.5, the abyssal water mass warms and becomes saltier. From the beginning of regime II, when the convective fluxes shut down, the response is similar for both the warming and freshwater perturbations, with significant warming and increasing salinity. FIG. 12 . Time series of the lower cell streamfunction minimum at (a) 608S and (b) 308S for the reference case and warming perturbations. The data has been smoothed using a 4-yr window to remove higher-frequency (1-2 yr) variability. FIG. 13 . Relationship between lower cell transport at 608S and the sum of the advective and convective heat flux into the subdomain for the warming perturbation SST0.5. Each dot represents a 1-yr time average and colors show the temporal evolution. The black dot is the time mean of the reference case and dots with black outlines show years 5, 37, and 54 (i.e., dividing the different regimes).
Unlike the nearly identical surface response for both the warming and freshwater perturbations, the temperature and salinity changes in the abyssal ocean are qualitatively different during the first part of the overturning shutdown process.
Comparison to observations
Observations of Southern Ocean temperature and salinity at the surface (Durack and Wijffels 2010; Bintanja et al. 2013 ) and in the deepest ocean layers (Purkey and Johnson 2010; Kouketsu et al. 2011; Purkey and Johnson 2013) show significant decadal trends, which so far remain unexplained. The changes include freshening and cooling at the ocean surface (despite ongoing global warming), and significant warming and freshening in the abyssal ocean. In this section, we expand on the hypothesis put forward by Latif et al. (2013) and Bintanja et al. (2013) -that observed Southern Ocean surface cooling may be linked to a slowdown of the bottom water formation rate-and show that both surface and abyssal observations are broadly consistent with the mechanism examined in this study.
The magnitude and spatial coverage of observed surface temperature and salinity trends (Fig. 15) are comparable to the modeled surface trends that occur in response to an overturning shutdown (e.g., Fig. 4) . The SST data in Fig. 15a is sourced from the Hadley Centre Sea Ice and Sea Surface Temperature dataset (HadISST; Rayner et al. 2003) , which incorporates satellite data, float, and ship measurements. The SST trend is calculated over the period 1982-2012 in order to align with the satellite period. The observed Southern Ocean surface freshening shown in Fig. 15b is reproduced from the analysis of Durack and Wijffels (2010) , which utilized salinity measurements from in situ historical archives and Argo floats over the period . The reader should note that the time spans analyzed for SST and SSS are overlapping but do not align. A longer time period is required for a robust salinity trend, because the salinity data coverage is so much scarcer than SST (P. Durack 2014, personal communication) .
Averaged over far southern latitudes, other SST datasets show similar cooling trends to HadISST (compared in Fig. 16 and Table 1 ). In addition to HadISST, we have analyzed four other SST datasets: the NOAA Extended Reconstructed Sea Surface Temperature version 3b (ERSST.v3b; Smith et al. 2008) , the NOAA Optimum Interpolation Sea Surface Temperature version 2 (OISSTv2; Reynolds et al. 2002) , and the Japan Meteorological Agency Centennial in situ ObservationBased Estimates (COBE; Ishii et al. 2005) . Of these, only HadISST and OISSTv2 incorporate satellite data in addition to in situ data derived from float and ship measurements. Other than HadSST3, all of the datasets are interpolated and use sea ice concentration to calculate SST near sea ice using statistical relationships. HadSST3 is uninterpolated but contains bias adjustment to reduce the effect of spurious trends because of changes in measurement practices. For the time series of SST shown in Fig. 16 , each data point represents a 1-yr time-mean and spatial average over all available data in the region south of 508S. The large offset in mean temperature between the datasets arises from variation in interpolation methods, bias adjustment, and treatment of sea ice, as well as spatial and temporal gaps in the data. The HadSST3 dataset consists of SST anomalies from a climatological mean, so we have adjusted the HadSST3 time series by a constant offset so that it has the same mean SST as HadISST over the period 1982-2012. However, this adjustment does not affect the HadSST3 trend. All five SST datasets show a cooling trend over this period (Table 1) , and the trends are robust when calculated over the region south of 508S or the smaller region south of 608S, suggesting that the presence and treatment of sea ice, which extends to ;608S in winter, is not adversely affecting the data.
The SST trends in the model simulations are comparable to the observations (Table 1) , with a cooling of 20.088C decade 21 in both the smallest warming 
Discussion and summary
We have investigated the Southern Ocean temperature and salinity changes that occur in response to surface buoyancy forcing perturbations using an eddypermitting, idealized ocean model. The mechanism proposed here relies on buoyancy-induced changes in the overturning circulation. We find that enhanced freshwater flux or, paradoxically, atmospheric warming cause a transient SST trend in the model of similar magnitude and spatial extent as the observations on a time scale of order 100 yr. The surface cooling and freshening are linked to the shutdown process of the lower overturning circulation because of the changing oceanic transport of heat and salt to the surface region.
Two distinct time scales are present in the simulations: an initially slow rate of surface cooling followed by a more rapid surface cooling. The first regime is characterized by decreasing advective heat flux to the surface, driven by a reduction in the volume transport of the lower overturning cell. In the second regime, there is a sudden drop in the convective heat flux, resulting from the surface freshwater cap set up by the preceding advective changes. The cooling and freshening is a transient effect; all of the perturbations reach a quasiequilibrium within 100 yr, in which enhanced stratification allows diffusion to balance the surface fluxes. The shutdown process and associated cooling occurs at a faster rate for larger perturbations, since the threshold for shutdown of convection is reached sooner. However, since the cooling occurs during both the advective-and convective-dominated regimes, smaller perturbations (in which the advective-dominated regime persists for an extended period) have a stronger net cooling anomaly compared with larger perturbations (in which the convective flux shutdown begins nearly immediately). The surface heat flux in the largest warming perturbation is indeed sufficient to warm, rather than cool, SST south of 508S, as may be expected from a simple, nondynamical view of the system. The idealized numerical model used in this paper incorporates many simplifications in terms of topography, forcing, dense water formation processes and lack of coupling to atmosphere and sea ice, which leads to the obvious question: to what extent are the results applicable to the real climate system? In this section we address possible impacts of the idealized nature of the model and discuss some of the missing feedbacks. Despite the simplifications, this model captures relevant ocean dynamics, including the mesoscale and the ocean overturning feedback process. It would be an interesting future project to investigate whether the two time scales of advective and convective adjustment also occur in more realistic coupled models.
One of the most obvious, and perhaps consequential, modeling simplifications is the method of dense water formation in the model. In the real ocean, dense shelf waters are formed as a result of atmospheric cooling and brine rejection in localized polynyas, which subsequently entrain fresher surrounding waters to form AABW. We combine the net buoyancy effect of these separate dense water production and entrainment processes into the zonally averaged surface freshwater flux and temperature relaxation, which results in an abyssal water mass with similar properties to AABW but likely different sensitivity to forcing changes. The idealized buoyancy fluxes are also temporally invariant with no seasonal cycle. In the real ocean, the intense buoyancy fluxes that lead to convective onset are intermittent in both space and time, leading to a density profile that appears stable in a long time average, but which has transient unstable events, most notably wintertime convective overturn. In our model, the lack of seasonally varying surface forcing means that our density profile is, in some regions, always marginally unstable. However, the results of a high-resolution polynya modeling study by Marsland et al. (2007) found that dense water production responds at least qualitatively similarly to that in our idealized model. Using a coupled ocean and sea ice model with realistic topography and forcing, Marsland et al. (2007) found a 40% decrease in dense shelf water production in response to a 128C atmospheric warming and a 33% reduction following a 20 cm yr 21 increase in precipitation. The other major simplification commonly used for modeling the lower overturning cell is the use of parameterized convection, which enables the transport of dense waters from the upper ocean formation regions to the lower layers (Send and Marshall 1995) . In our model this is achieved by enhancing vertical mixing of temperature and salinity. Parameterized convection results in an artificial separation of the advective and convective fluxes; in the real ocean, these are both parts of the same overturning circulation cell and are codependent. However, given that a resolution of order 3-5 km is needed to resolve the downslope AABW pathways in z-coordinate models (Winton et al. 1998) , which is approximately one to two orders of magnitude higher than the resolution of present climate models, it remains a worthwhile exercise to improve understanding of the dynamical processes associated with parameterized convection.
The formation of dense water and its sensitivity to forcing perturbations is also likely to be greatly affected by the use of a linear equation of state in the model. Along with missing water mass formation due to cabbeling and thermobaric processes (Klocker and McDougall 2010) , salinity is of relatively greater importance for determining density at cold temperatures. These nonlinear processes could alter the timing of the convection shutdown at the start of regime II. In particular, as convection begins to shut down at the point where the impact of the salinity anomaly on density dominates over the impact of the temperature anomaly, it is possible that in a setup using a full equation of state, the convection may be more sensitive to forcing changes.
With no sea ice model, it is possible that we may be neglecting an important feedback process in the formation of dense water. Aiken and England (2008) , in a coupled ocean-atmosphere-sea ice model, investigated a negative feedback process, whereby a decrease in convection reduced the upward heat flux and cooled SST, resulting in a higher rate of sea ice formation and therefore an increase in brine rejection and at least a partial offset in the original convective decrease. This negative sea ice feedback implies that there may be a forcing perturbation threshold below which the lower overturning cell is stable to small perturbations. Observations show that Southern Ocean sea ice extent is increasing (Parkinson and Cavalieri 2012) , and one hypothesis is that the increase in sea ice may be caused by enhanced freshwater input from Antarctic ice shelf melt and a subsequent increase in vertical ocean stability (Bintanja et al. 2013) . The inclusion of a sea ice model may thus partially damp the advective salinity feedback mechanism presented here.
Despite the possible impact of the simplified dense water formation in the idealized model, it is worth noting that the modeled SST cooling is also strongly dependent on the larger-scale dynamical ocean feedback and, in particular, the dynamics of the advective fluxes. In the Southern Ocean, the mesoscale eddy field has a significant effect on the circulation and advection of tracers, which means we are most likely modeling this part of the system more accurately than previous studies.
We have investigated the ocean dynamical controls on the time scale and magnitude of Southern Ocean temperature and salinity trends associated with a modulation of the lower overturning cell transport. Small surface buoyancy perturbations lead to a slow advective feedback, which ultimately results in rapid convective shutdown. Surface cooling and freshening and abyssal warming occur during the initial slow advective adjustment phase at a similar rate to presently observed trends. In summary, we have shown that both small atmospheric warming anomalies (say, because of transient greenhouse warming) and enhanced surface freshwater fluxes (because of precipitation changes and/or enhanced meltwater) can induce Southern Ocean surface cooling via a slowdown in the abyssal overturning cell. Given recent trends in radiative forcing and increased ice shelf/ice sheet melt around Antarctica, this mechanism could account for a significant component of the recent observed surface cooling and freshening south of 508S.
